I N T RO D U C T I O N
Induced earthquakes due to gas production have occurred in the North of the Netherlands over the last 30 yr (Dost & Haak 2007; Bourne et al. 2015) . The first events were felt near small gas fields in production, followed by activity that could be related to the Groningen gas field, one of the largest onshore gas fields in the world. Seismicity rate of the Groningen field gradually increased over the years until 2003. Since then activity rate increased more strongly, coinciding with an increase in annual gas production.
Observed magnitudes of the induced earthquakes in Groningen are usually in the lower range of the Richter scale (0.5 < M L < 3.0) except for a few stronger events in 2006 and 2012. An event with magnitude 3.5 took place on 2006 August 8, while the largest event recorded was the magnitude 3.6 on 2012 August 16 . The epicentres of these two events were close to the small town of Huizinge. Many people were surprised by the sudden feeling of strong ground motion and a substantial amount of building damage was reported, due to the shallow depth, around 3 km, of the events In the year 1995, the KNMI realized a sparse regional borehole network with average distance between stations of 20 km. The network geometry, covering a heterogeneous shallow crustal structure, limited the resolution of the location of induced earthquakes to 0.5-1 km. The network was gradually extended over time, with the aim of covering a larger region. After the M3.6 event in 2012, it was decided to increase the number of stations significantly with the result that currently the average interstation distance is reduced to 3-4 km.
Originally, the KNMI used the traditional P-and S-wave arrival time difference method to locate induced earthquakes with the sparse network using the hypocentre method (Aki & Richards 1980) and an average 1-D velocity model for the region. It has proven difficult to resolve the depth of the events, which is by default set to 3 km, the average depth of the gas reservoir in Groningen. Nevertheless, a good estimate of the depths of the induced earthquakes in Groningen would add valuable information that is useful for hazard analysis (Bommer et al. 2016) .
In the year 2013, two deep downhole arrays were installed in the most active region near the village of Loppersum with the aim to record microseismicity at reservoir level and determine the depth extend of the seismic activity. Arrival time inversion using a grid search location algorithm (Pickering 2015) was applied and it was concluded that all events processed occurred at a depth of the reservoir. Since the deep arrays only cover a small region of the Groningen field and larger events saturate the geophones used, it is a challenge to improve the depth estimation using the improved shallow borehole network set-up in Groningen.
A popular method to relocate earthquakes is the double difference method (Waldhauser & Ellsworth 2000; Zhang & Thurber 2006) . In the double difference method, traveltime differences of recorded waveforms at one station for several earthquakes are used to 454 J. Spetzler and B. Dost reposition the epicentres. A different method, more suitable for real-time and off-line relocation of individual events is the differential traveltime method where waveforms from one specific event are measured at several stations (Font et al. 2004; Lomax 2005; Satriano et al. 2008; Theunissen et al. 2012) . The traveltime shift of the recorded waves between stations is used to find the focus of the earthquake. In Lomax (2005) and Theunissen et al. (2012) , the differential traveltime method between stations is known as equal differential time EDT. We adopt the EDT abbreviation for our approach in this paper. The differential traveltime approach is insensitive to the depth-origin time trade-off. On the contrary, the hypocentre method is based on the minimization of traveltime residuals, where information about the origin time (e.g. related to the depth of the event) is important.
The hypocentre method for P-wave arrivals (Lienert et al. 1986 ) is implemented in the automatic routine for source location at the KNMI. The addition of stations to the network and the use of a detailed local velocity model did not lead to a more accurate depth estimation of induced earthquakes in Groningen. The event depth is still by default set to 3 km.
In the present paper, we will explore how the rapidly growing data set with picked P-wave arrivals for induced events in Groningen can best be used to determine reliable depth estimates of induced events in the region. Generally, picked S-waves are not used in the automatic hypocentre solution since the first arrival is S-phases are difficult and often impossible to estimate. The extended station network guarantees that an event will always be relatively close to at least three stations. In addition, the producer (Nederlandse Aardolie Maatschappij, NAM) of the gas field has made available a detailed 3-D elastic model of the complex subsurface structure of Groningen. Theunissen et al. (2012) conclude that the more accurate the velocity model is the better the estimation of the hypocentre of an event. Altogether, more data and accurate information about the complex heterogeneous of Groningen is becoming available.
We will give an outline of the seismological station network and the geological model in Groningen. The slightly adapted differential traveltime method for P-waves is introduced. A 2-D synthetic experiment with two stations over a constant half-space velocity model is used to illustrate how to estimate the hypocentre of an event.
Results of the differential traveltime method applied on earthquake data from 2014 to July 2016 are presented and compared to the KNMI hypocentre solutions. Finally, conclusions are drawn.
S E I S M O L O G I C A L N E T W O R K
A borehole network of geophones was installed in 1995 with the aim to detect and locate induced seismicity in the North of the Netherlands. The network was intended to cover an area of 60 × 80 km and designed to record all events in the region of magnitude 1.5 and larger. The station separation was on average 20 km and due to the sampling of a heterogeneous upper crust, location accuracy was limited to 0.5-1 km in the horizontal plane. The resolution in the vertical plane was even more limited, at least 1-2 km. In 2014 and 2015 the network was extended over the Groningen area, resulting in an average station separation of 4 km, which opened the possibility to use detailed velocity models and new location algorithms.
The monitoring network developed over time from 11 borehole geophone stations in 1996 to 15 stations in and outside of Groningen with the addition of 17 accelerometers deployed at the surface until 2014. In the year 2015, another 60 borehole stations distributed equally over Groningen were added to the network. The location threshold value of the network has been reduced from 2.3 in 1991 to 1. Fig. 2 . In general, the first arrival times for P-waves (indicated with dark grey lines in the figure) are always picked and used in the automatic location method. Traveltime picking is done for the first arriving S-waves only if the events are clearly observable. S-wave picks are never used in the automatic routine, but may later be added to the data base of traveltimes and used in a relocation of the original epicentre.
G E O L O G I C A L S E T T I N G O F G RO N I N G E N
One of the largest onshore gas fields is located in the province of Groningen in the northeast of The Netherlands. Fig. 1 shows the location of Groningen in The Netherlands (Dost & Haak 2007; Bourne et al. 2015) . The surface area of Groningen is about 1000 km 2 . A lithological setting of sedimentary layers dominates the geology of the area (Dalfsen et al. 2006; Duin et al. 2006; van Gent et al. 2011; NLog) . The black dotted lines in Fig. 1 indicate the positions of two cross-sections of the stratigraphy in Groningen. The two cross-sections for north-south and east-west directions of the velocity field are shown in Fig. 3 . The Dutch RD coordinate system (description in English: https://translate.google.nl/translate?hl=en&sl= nl&u=https://nl.wikipedia.org/wiki/Rijksdriehoeksco%25C3%25 B6rdinaten&prev=search, or in Dutch: Rijksdriehoeksstelsel, http://www.kadaster.nl/web/Themas/Registraties/Rijksdriehoeksm eting/Rijksdriehoeksstelsel.htm) is used in all cross-section figures. This specific coordinate system gives the geodetic coordinates for European Netherlands and is used in official national maps. The origin of the RD coordinates system is in the spire of Our Lady Tower (Long John) in Amersfoort (52
• 9 19 N, 5
• 23 14 ). The cross-sections of the velocity field in Fig. 3 have been extracted from a 3-D detailed elastic model for Groningen. A vast geophysical data set of 3-D seismic reflection data and several deep well log data going down to the carboniferous layer below the gas reservoir were used to produce the 3-D elastic model. NAM contributed to this work with the 3-D elastic model.
The stratigraphic setting is explained from the surface and down to the underburden below the gas-filled reservoir. The top layer is the North Sea (NS) group containing clays, silts and sandstone. The thickness of the NS group varies between 600 and 1000 m. The NS layer is subdivided into an upper and lower part. The transition from upper NS to lower NS is at 400 m depth. The velocity in upper NS is significantly lower than in lower NS. The next layer is the Chalk (CK) group which is made of mainly limestone. The thickness of the Chalk layer is between 500 and 800 m. A sequence of three thinner sedimentary layers are found below the Chalk group. These layers are the Rijnland (RN) group, the Altena (AL) group and the Trias (TR) group. The Zechstein (ZE) group is a layer of rock salt evaporites. In general, the Zechstein layer is referred to as the impermeable salt layer above the gas reservoir. The Zechstein layer is thickest in the central area of the gas field near Loppersum (see Fig. 1 ) and tends to get thinner at the north, south and east flanks of Groningen. Note the lateral variations in the Zechstein layer with horst and graben structures. To complicate matters, two thin layers of anhydrite (Dino loket) are present in the Zechstein group: One anhydrite layer in the upper section of Zechstein and another one right above the gas reservoir (van Gent et al. 2011) . These two stiff, brittle layers in the soft Zechstein group give rise to strong reflected and refracted waves. The reservoir (RO) is composed of a porous sandstone in the upper-Rotliegend group. The depth of the gas reservoir is on average 3 km, but varies laterally over Groningen. The sedimentary layer below the Rotliegend group is part of the Limburg group from the late carboniferous age. The carbon layer (DC) is the rock source for the gas which has been pushed upward into the Rotliegend layer and is prevented from migrating further upward by the impermeable Zechstein group. Faults are present mainly in the Rotliegend gas reservoir layer due to extensional stress conditions. The faults do not extend vertically into the Zechstein layer because of the ductile and malleable behaviour of rock salt under high pressure. The faults are generally aligned NW-SE . Several of the faults have been reactivated during the production of gas in Groningen in the past 40 yr.
D I F F E R E N T I A L T R AV E LT I M E M E T H O D
The concept of the differential traveltime for P-waves method for source location is illustrated in Fig. 4 . Lomax (2005) and Theunissen et al. (2012) apply the same principle in the construction of their source location method. An earthquake is located at the position s. The seismological network stations record the earthquake. For example, the two stations in Fig. 4 are at positions r 1 and r 2 . Let the unknown origin time for an earthquake be written as T 0 . In general, the origin time for an earthquake can be determined after the focus of the earthquake has been estimated. The recorded arrival time for a wave to travel from the source position s to receiver r 1 is given by where the integration along the ray path in a heterogeneous velocity field V between the earthquake s and station r 1 yields the traveltime of the wave (Aki & Richards 1980) . Similarly for receiver r 2 , the recorded arrival time is given by
To eliminate the unknown origin time, the recorded arrival time in eq. (1) is subtracted from eq. (2). The differential traveltime is obtained as
where d = r 2 − r 1 is the epicentral distance between the two receivers at the same depth. Expression (3) demonstrates that the differential traveltime method is insensitive to the depth-origin time trade-off. To find the focus of an earthquake, an objective function is defined. The earthquake location is determined by minimizing the objective function. We follow the EDT approach by Font et al. (2004) , Lomax (2005) and Satriano et al. (2008) . The observed differential traveltimes T obs between stations in eq. (3) are compared with the calculated traveltime differences T calc for an earthquake at an arbitrary depth. The advantage of working with time shifts between two stations is not only that the origin time of the earthquake cancels out (Satriano et al. 2008) , but also that errors due to inaccuracy in the reference velocity model and modelling limitations and artefacts may be eliminated. The difference between the observed − and calculated differential traveltimes are squared and summed up for all station pairs. Two additional steps are carried out.
(1) The sum of squared differential traveltimes is multiplied by the depth z to enhance the depth resolution of the objective function. This step is not a strict requirement, but is helpful to emphasize the depth resolution. (2) The average objective function is calculated by dividing with the number N of available station pairs to account for the fact that not all stations have an epicentral distance within the maximum distance of a pre-calculated traveltime function. Hence, the depth-dependent objective function L(z) is given by
The addition of the linear depth term z is in the SI-unit metre and the averaging over the number of stations pairs is specifically introduced in this paper. However, the summation of the differential traveltime residuals over all available station pairs is as well applied by Lomax (2005) and Theunissen et al. (2012) . The earthquake focus is obtained at the minimum point of the objective function in eq. (4). The maximum number of station pairs can be calculated from the number of available stations denoted N r . The number of combinations of station pairs (each pair counting one time) is given by
Expression (5) is valid for two or more stations. For example, three stations results in three station pairs, four stations yield six combinations and so on.
For an example of the use of the objective function in eq. (4), consider a homogeneous half-space model with the constant velocity v = 2000 m s −1 . An illustration of the setup of the earthquake and stations can be found in Fig. 5 . The earthquake is located at 7000 m to the right of station r 1 and depth h = 2600 m. For convenience, station r 1 and r 2 have the surface coordinates 0 m and 11 000 m, respectively. The time for the recording of the earthquake at station r 1 is calculated with eq. (1), hence for the homogeneous velocity field with x = 7000 m, In similar veins, the recording time of the earthquake at station r 2 equals
where L − x = 4000 m. The observed differential traveltime between station r 1 and r 2 equals
Note that the unknown origin time of the earthquake is eliminated in the equation above. Combining the expressions for the traveltimes in eqs (6) and (7) and the observed differential traveltime in eq. (8), we explicitly obtain for the homogeneous velocity field the objective function
where an arbitrary earthquake is located at (x, z). A global search method applied on the objective function results in the minimum point at the coordinate point (7000 m, 2600 m) which is the theoretical location of the earthquake in the synthetic experiment. The horizontal and vertical cross-sections of the objective function are shown in Fig. 6 . Theunissen et al. (2012) carry out an extensive sensitivity analysis of the EDT method in terms of an inadequate velocity model and a poor station coverage. It is concluded in Theunissen et al. (2012) that the EDT method in most cases does a much better job in estimating the focus of an event than the hypocentre method (Lienert et al. 1986 ). The hypocentre method tends to overestimate the depth parameter because of the depth-origin time trade-off. The presented synthetic example is constructed for a 2-D halfspace model and only two stations are strictly required to estimate the focus of an event. The induced earthquakes in Groningen take place in a 3-D regional area. Like the general requirements for seismological focus estimation using the difference between P-wave and S-wave traveltimes (Aki & Richards 1980) , at least three stations must be available in the EDT method. Estimation of the origin time is not the scope of this paper, but is of course possible to estimate.
The KNMI applies the hypocentre method (Lienert et al. 1986 ) for the location of induced earthquakes in Groningen. The hypocentre method is strongly dependent on the depth-origin time trade-off. According to Lienert et al. (1986) , the origin time is defined as the mean arrival times minus the mean traveltimes. The traveltimes can only be calculated assuming a given depth of an event. Second, the 1-D velocity profile in Fig. 7 for the KNMI hypocentre method is an average model that is representative for the northern part of the Netherlands. The detailed structures of the overburden, the Zechstein group and Carboniferous group in Groningen are not well-represented in the hypocentre velocity model. traveltime functions based on this velocity structure are calculated with a tau-p method for epicentral distances to 120 km. Modifications of the 1-D velocity model in the hypocentre method did not improve the depth resolution.
M E T H O D O L O G Y F O R F O C U S E S T I M AT I O N O F I N D U C E D E A RT H Q UA K E S I N G RO N I N G E N
Induced earthquakes in Groningen are believed to be caused by a reactivation of existing faults due to compaction after the production of gas was initiated in the late 1960. To get an idea about how compressional and shear wave energy propagate in the Zechstein group dominated subsurface, a full elastic waveform study was carried out. Naturally, waves in the Groningen subsurface propagate in a 3-D half-space. However, the waveform modelling experiment was limited to 2-D media to reduce calculation time. The main difference in results between 2-D and 3-D waveform modelling is the behaviour of the geometrical spreading factor (Aki & Richards 1980; Snieder 2004 ) which affects the amplitude of wavefields. Hence, it is expected that amplitude effects may be different in observed data compared to synthetic waveforms in the 2-D full elastic wave modelling experiment. On the other hand, the phase information in the propagating elastic waves will be identical for 2-D and 3-D media.
The east-west cross-section in Fig. 3 was used as elastic model input in a 2-D finite-difference (FD) program (Robertson et al. 1994) . The dimensions of the input model was 30 km horizontally and 10 km vertically. The central frequency in the FD modelling was set to 5 Hz which is equivalent to the dominant frequency of recorded induced earthquake data in the shallow boreholes in Groningen. A Q-value equal to 200 is representative for Groningen (Bommer et al. 2016) and was accordingly applied. The top boundary acts as a free surface. The grid size and temporal step length were adjusted to satisfy the Courant number (Robertson et al. 1994) . A proper taper was implemented to reduce boundary reflections. A simulation of wave propagation in the Groningen subsurface is shown in Fig. 8 for a source at 3 km depth. The epicentral distance from the surface coordinate of the source is given in kilometres. Three dominant wave directions are observed. There is the direct wavefield (1) from the source towards the surface. The reservoir has a lower velocity compared to the Zechstein group and the Carboniferous layer and therefore acts as a strong wave guide giving rise to high amplitude waves (2). The underburden with the Carbon group is characterized by a linear gradient velocity. Wave energy propagating downwards (3) from the source will be redirected upward in the underburden and eventually be recorded at the shallow borehole stations close to the surface. Finally, internal multiples and interface conversions between compressional and shear wave energy are part of the propagating wavefield. These latter waves will have longer traveltimes due to the longer propagation paths and will have low amplitudes because of reflection/transmission effects at layer interfaces (Aki & Richards 1980; Kennett 1993; . Especially, free surface reverberations are clearly visible in the upper part of the waveform snapshots in Fig. 8 .
The EDT method would be rather time inefficient if the traveltime for a wavefield from a given source depth to a station was repeatedly calculated in a 3-D heterogeneous velocity model. Instead to speed up calculations, a local 1-D velocity profile is used to compute a series of traveltime functions for a wide range of source depths and epicentral distances. A 1-D velocity profile with the RD-coordinate point (Dutch coordinate system: 246 877, 593 444) from the Loppersum area (i.e. seismic active zone) was extracted from the 3-D elastic model. The velocity profile is shown in Fig. 7 . A narrow moving average window has been used to smooth the velocity profile. Still, the fine structures of the Groningen subsurface are well-preserved. The velocity smoothing was introduced to facilitate the calculation of traveltime functions by means of a ray tracing algorithm. A direct solver for the eikonal equation is the workhorse to calculate ray paths for a given source depth and epicentral distance to a station. The traveltime between the source and station is calculated using the path integral in eq. (1). Calculated ray paths and traveltime curves are shown in Fig. 9 and 10, respectively, for source depths at 2500, 3000 and 3500 m. In general, the direct wavefield is dominant for source depths above the reservoir. On the other hand for source depths at reservoir level or in the underburden, the propagating wavefield consists of direct upgoing waves until an epicentral distance about 10-12 km (depending on the source depth) is reached. For longer epicentral distances, diving waves will arrive at the stations. Several examples of direct and diving waves in event gathers recorded in the dense network have been observed. We refer to the KNMI webpage (http://www.knmi.nl/ nederland-nu/seismologie/aardbevingen.html) for examples of events gathers in Groningen.
A regular 3-D grid is used to parametrize the misfit function used in the source location. The number of cells in the grid is 100 × 100 × 31 (AreaxDepth). The coordinates for the surface area in RD-coordinates is limited to [228512; 267512] and [569312; 613712] , respectively. The depth range is between The EDT method to determine the source location in Section 4 consists of two steps. The first step is the same for all events in Groningen: (1) An imaginary earthquake is located at the centre of a cell in the 3-D grid. Traveltime curves for the general 1-D velocity profile in Fig. 7 near Loppersum are used to produce estimated differential traveltimes which are compared to the observed data in the misfit function in eq. (4) for all possible station pairs. The minimum point of the misfit function is determined with a global search method (Tarantola 1987) resulting in the first iterative estimate of the event focus. (2) The 1-D velocity model in Fig. 7 is considered to be a too general velocity model for Groningen. The depth resolution of the event in the first iterative focus may therefore still be too inadequate. A second iteration is carried out to get a better idea about the depth of the event. The second step is similar to the first step, except that a new traveltime function is calculated for the local velocity profile at the epicentre coordinates found in the first iteration.
To quantify the improvement of the focus estimation of an event, the root mean squared (rms) value of differential traveltimes is calculated with
The rms formula in expression (10) is identical to eq. (7) in Satriano et al. (2008) .
R E S U LT S O F D E P T H E S T I M AT I O N O F I N D U C E D E A RT H Q UA K E S I N G RO N I N G E N
Before the year 2014, the original borehole network was not capable to accurately determine the depth of induced events in the region, due to a large average interstation distance (20 km) and a strong lateral variation of the P-and S-velocities in the upper 4 km of the crust which required the use of average regional velocity models. For the largest recorded event, the M3.6 induced earthquake on 2012 August 16, only three stations were operational within an epicentral distance of 15 km. The epicentre of this event estimated by the EDT method is close to the location reported in the KNMI earthquake catalogue. However, it is rather difficult to give a reliable estimate of the focal depth based on these three data points. For many other events for which the determination of the event was unreliable, the azimuthal coverage was too poor. The depth of events in the KNMI earthquake catalogue is by default 3 km. The station density over the Groningen gas field started to improve in 2014 when the first new geophone stations were installed. In the year 2015, the station network was further improved, with about 60 borehole stations in Groningen in the second part of the year. Currently, there are about 90 locations with instruments (i.e. three-component geophones and accelerometers) from the old and new network. A total of 87 events from February 2014 to July 2016 were processed with the two-step EDT method. Three events on 2014 March 15, 2015 June 6 and 2015 July 18 are presented and discussed below. These events were selected based on their location at three different depth intervals. The setup is the same in all figures. The error on the depth is obtained by propagating the discrepancy between observed and calculated traveltime differences for each station pair into the misfit function. Hereby, the total misfit function curve get shifted in the vertical direction. The shift of the minimum point of the misfit function is an indication of the error of the depth. The epicentre location is much less sensitive to errors between the observed − calculated traveltimes.
Results for the event on 2014 March 15 are shown in Fig. 11 . All stations used in the procedure are located to the western side of the epicentre. The distance between epicentres calculated with the hypocentre and EDT method is about 1.5 km. The 'petal' pattern of the misfit function illustrates the lateral variability of stations due to the maximum epicentral distance of the pre-calculated traveltime functions. The average over the number of station pairs in eq. (4) takes into account the effect of a variable number of station pairs. The misfit function indicates a depth of the induced earthquake about 2850 m ± 100 m. Note the vertical cross-section of the misfit function is similar to the vertical profile of the misfit function in the synthetic experiment in Fig. 6 . The east-west cross-section of the detailed 3-D elastic model together with the estimated focus of the induced earthquake shows that the event took place in the Rotliegend gas reservoir. This result applies to most of the processed events. The depth of the event on 2015 June 6th (Fig. 12 ) is calculated at 3150 ± 100 m. This is in the lower part of the gas bearing sandstone reservoir or in the underburden. Similar to the second event, the estimated epicentre of the event on 2015 July 18th (Fig. 13 ) is well-surrounded by stations. The distance between the epicentres determined by the two methods is less than 500 m. The misfit function indicates that the depth of the event is about 2200 ± 150 m. The event location coincides with the upper anhydrite and a graben structure in the Zechstein group. The upper anhydrite layer in the Zechstein layer is much closer to the Rotliegend gas reservoir compared to the neighbouring structure. The anhydrite layers are made of a stiff, brittle material. The magnitude of this event is 0.7 according to the KNMI earthquake catalogue. Other events (i.e. 2015 June 30; 2015 November 9; 2015 November 10; 2015 December 8; 2016 February 25; 2016 July 9) with magnitudes in the range [0.5; 1.1] have also been located in the upper anhydrite layer. Information about the depth and error bars on the depth of induced earthquakes is available in Table 1 . From this table, one can see that the epicentre estimated by the hypocentre and EDT method are comparable. The depth range of the events is between 2200 and 3500 m with the majority between 2600 m and 3200 m (i.e. reservoir depth). The error on the depth is often between 100 m and 200 m. With respect to the magnitudes, the trend is clear. Generally, induced earthquakes at the shallow anhydrite layer within the Zechstein group have a small magnitude less than 1.0, while events at reservoir level can be weak as well as stronger. Remember that the station network was recently extended which has contributed with more recordings of induced earthquakes with magnitudes lower than 1.5. One possible explanation for the overburden events in the upper stiff anhydrite layer with a thickness about 30-50 m (van Gent et al. 2011) , may be the increase in horizontal stress above the compacting reservoir, which may lead to movements along existing fractures in the anhydrite layer.
The structure of the Rotliegend gas reservoir in Groningen varies laterally. For an illustration of the gas reservoir structure, we refer to Fig. 3 . At the reservoir boundaries (i.e. north, east, south and west), the reservoir is deeper, while close to Loppersum in the central part of Groningen the reservoir is somewhat more shallow. By visual inspection, the structural location (i.e. upper anhydrite layer, reservoir and underburden) of all events was determined. The histogram in Fig. 14 shows the distribution of the structural location of the induced earthquakes. The majority of the events are found at reservoir level. A small number of induced events (with the current data estimated to be less than 10 per cent) are located in the upper anhydrite layer (i.e. top floater) or in the underburden.
In the year 2014, NAM installed two deep boreholes at 3 km depth in the reservoir in the Loppersum area near the villages Stedum and Zeerijp. The wells are equipped with 3-component geophones at reservoir level. The lateral distance between the two wells is 3 km. Local micro seismicity is reported and analysed by NAM. Focal depth estimates of recorded induced earthquakes are ranging between 2400 and 3200 m with a cluster of events at reservoir level between 2800 and 3100 m (Pickering 2015) . By visual inspection of the magnitude distribution, it can be seen that events with a magnitude above one are mainly between 2800 and 3000 m (i.e. reservoir depth). A comparison of the epicentres calculated using the hypocentre and EDT method of all the processed induced earthquakes is shown in Fig. 15 . The fault structure and the coast lines of the province of Groningen are included in the figure. The estimated epicentres by both methods seem to follow two main lines on the NW-SE aligned fault system. One trendline of events is more towards to the city Delfzijl and the other one is shifted towards the city Groningen. The epicentres by the hypocentre and the EDT method are often located on or near a fault. We are well aware of the possibility that there are mapped and unmapped faults in the current fault model. For several events, the epicentre estimated by the two methods may not necessarily correlate with the same fault. Most epicentre solutions for the same event differ less than 1 km.
C O N C L U S I O N S
Due to the installation of a new dense borehole network, a sub-set of the hydrocarbon induced earthquakes recorded in the province of Groningen (The Netherlands) has been relocated. Especially the depth of the events, which was fixed to 3 km in the original location procedure, could be calculated with an average resolution of 100-200 m. Besides the new network, the availability of a detailed 3-D velocity model and a new location method were essential to obtain these results.
A differential traveltime approach similar to the EDT method (Lomax 2005; Theunissen et al. 2012 ) was applied to the hypocentre estimation of the induced earthquakes in Groningen. Instead of defining a misfit function based on the traveltime residuals for single stations, the residual of differential traveltimes between stations is used in the objective function. The total misfit function is obtained by summing the contributions of differential traveltimes residuals Table 1 . Source locations obtained with the KNMI hypocentre and the EDT method. RD coordinates are usedfrom all station-pairs for one event. By minimizing the misfit function by means of a standard global search method, the hypocentre of the event and the uncertainty in the depth parameter are calculated.
As a rule of thumb, at least 3-4 stations with epicentral distances shorter than 5-8 km must be available in order to obtain an estimate of the event depth. The epicentre is much easier to measure even when applying stations located farther away or the azimuthal coverage is poor.
The EDT method was applied on 87 induced earthquakes from 2014 to July 2016. For earlier events recorded before 2014, the station network was too sparse. Most of the located events are found at reservoir level. Several events with a magnitude about 0.5-1.1 are found near a stiff anhydrite layer in the Zechstein group. It is observed that the magnitude of the events is weaker in the overburden while a range of weak to moderate events take place in the reservoir compartment and uppermost part of the underburden. A possible explanation for the anhydrite events can be the increase in horizontal stress above the compacting reservoir, which may lead to movements along existing fractures in the anhydrite layer. The estimated epicentres for events at reservoir level correlate well with the mapped fault system in Groningen.
The developed method for hypocentre location of induced earthquakes will be applied to future recorded events in Groningen. It is expected that the EDT method will soon be implemented as a module in the automatic location program (seisComP3 by Gzf and Gempa). The database of induced events is an essential ingredient for hazard and risk studies (Bommer et al. 2016) .
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